[1] We present a new procedure to describe the one-dimensional thermodynamical state and mineralogy of any Earth-like planetary mantle, with Mars as an example. The model parameters are directly related to expected results from a geophysical network mission, in this case electromagnetic, geodetic, and seismological processed observations supplemented with laboratory measurements. We describe the internal structure of the planet in terms of a one-dimensional model depending on a set of eight parameters: for the crust, the thickness and the mean density, for the mantle, the bulk volume fraction of iron, the olivine volume fraction, the pressure gradient, and the temperature profile, and for the core, its mass and radius. Currently, available geophysical and geochemical knowledge constrains the range of the parameter values. In the present paper, we develop the forward problem and present the governing equations from which synthetic data are computed using a set of parameter values. Among all Martian models fitting the currently available knowledge, we select eight candidate models for which we compute synthetic network science data sets. The synergy between the three geophysical experiments of electromagnetic sounding, geodesy, and seismology is emphasized. The stochastic inversion of the synthetic data sets will be presented in a companion paper.
Introduction
[2] The thermodynamical and mineralogical characterization of telluric planetary interiors requires the use of astronomical, geophysical, geological, and geochemical data, together with inputs from laboratory experiments. The preparation of future missions dedicated to in situ planetary exploration, offers the opportunity of building up research strategies, which incorporate various types of data in a single inversion for planetary structure. We believe that such planetological methods can also be valuable for the inversion of the huge data set already available for the Earth. Here, we describe a synergism between geophysical groups, which worked together for the preparation of the NetLander mission to Mars [Harri et al., 1999] .
[3] The objective of a Mars Network Science (MNS) mission is to deploy a network of identical landers on the Martian surface. Among other instruments, a magnetometer, a spatial geodesy experiment, and a seismometer are particularly relevant for the study of the deep interior of a planet. They were already part of the NetLander scientific payload (magnetometer (MagNet) , geodesy experiment (NEIGE) [Barriot et al., 2001] , and seismometer (SEIS) [Lognonné et al., 2000] ).
[4] The goal of a MNS package is to provide enough constraints on the structure of Mars' interior, so that no a priori assumption regarding the thermal state and a minimal set of assumptions regarding the mineralogical composition of the mantle are required. This paper and its companion devoted to the inversion of MNS data can be regarded as the first steps toward this ambitious goal. In order to restrict as much as possible the number of assumptions required by the joint interpretation of the geophysical data sets, we summarize the internal structure of the planet as a one-dimensional model described by a restricted set of parameters: for the crust, the thickness and the mean density, for the mantle, the bulk volume fraction of iron, the olivine volume fraction, the pressure gradient and the temperature profile, and for the core, its mass and radius. The originality of the approach comes from the diversity of the processed geophysical data sets, which are related to the parameters by different kinds of equations: equations derived from a potential for the geodetic data, diffusion equations for the electromagnetic data, propagation equations for the seismic waves, and constitutive and PVT (Pressure-Volume-Temperature) equations for the physical properties of mantle minerals.
[5] In the present paper (1) we describe the forward problem, defined by the resulting system of nonlinear equations, (2) we construct a set of eight candidate models of the Martian mantle, and (3) we compute the synthetic geophysical profiles (i.e., output of the forward problem corresponding to MNS processed observations) corresponding to each of them, and finally (4) we discuss the relevancy of the candidate models. Whenever necessary we use available results from Earth studies, space missions, and laboratory experiments. The forward problem must be stated as completely as possible, in order to restrict the number of possible models during the subsequent inversion. It must also be expressed in a way as simple as possible, because it will have to be evaluated many times during the later inversion process, which will be of stochastic nature due to the nonlinear character of the problem. We pay a particular attention to the choices of the hypotheses used, of the model definition, of the thermodynamical concepts, and of the uncertainties on the data. These choices define the limit of validity of the results.
[6] The mathematical background, the algorithm of the inverse method, and the discussion of the inversion results are detailed in a companion paper (A. Rivoldini et al., manuscript in preparation, 2005) .
[7] After briefly reviewing, in section 2, the current uncertainties regarding the structure and the mineralogical composition of the Martian mantle, the MNS geophysical data, the parameters governing the internal structure and the relevant equations are described in section 3. The link between the MNS data, the fundamental thermodynamical parameters and the laboratory data set are also addressed in this section. The scheme of the forward problem is presented in section 4. We choose eight sets of parameter values, thus defining the candidate models. These models are constructed in such a way that they are consistent with the current knowledge on Mars' interior. The description of these eight models, and the discussion of their corresponding geophysical data are presented in section 5. Appendix A is devoted to the complete description of the method used in the forward problem to compute the density and bulk modulus of any mineral at a given pressure and temperature.
Current Uncertainties Regarding the Structure and Mineralogy of the Martian Mantle
[8] At the moment, the modeling of Mars' internal structure is only constrained by a small number of geophysical observations: mass, size, surface pressure and temperature [e.g., Born, 1974; Bills and Ferrari, 1978] , precession rate, variation in rotation rate [Folkner et al., 1997; Yoder and Standish, 1997; Yoder et al., 2003] , magnetic and gravity fields [e.g., Acuña et al., 1999; Lemoine et al., 2001; Langlais et al., 2004] , and tidal constraints [e.g., Lognonné and Mosser, 1993; Yoder et al., 2003] . These insights were mainly obtained from orbital space missions [e.g., Gapcynski et al., 1977; Zuber et al., 2000] , and from Earth-bound monitoring data (for a review, see Kieffer et al. [1992] and Spohn et al. [1998] ).
[9] There is still not enough data to resolve, for example, the ambiguities regarding the size and state of the core, the possible presence of a solid inner core and the thermal and mineralogical composition of the mantle. The present knowledge of the Martian crust is also very poor and large uncertainties remain in the mean density of the crust, in the presence of a light primary crust [Wieczorek and Zuber, 2004] and on the density differences between the crust and the Martian volcanoes. Beside the astronomical and geophysical observations, constraints on the Martian chemical composition can be inferred from laboratory analysis of SNC (Shergottites, Nakhlites, Chassigny) meteorites, which are usually assumed to be of Martian origin [e.g., Dreibus and Wänke, 1985; McSween, 1985] . Present models of the Martian internal structure rely therefore on additional hypotheses. This is illustrated by Model A of Sohl and Spohn [1997] based on geophysics, the model of Bertka and Fei [1998] based on laboratory experiments, and that of Sanloup et al. [1999] , based on geochemical modeling. Model A of Sohl and Spohn [1997] was derived from a SNC chemical composition, and it was designed to satisfy the value 0.366 of the moment-of-inertia factor. Taking into account the SNC geochemical constraints, the model of Bertka and Fei [1998] focused on the computation of the density profile of the mantle. The model was designed to satisfy the mass and the moment-of-inertia factor of the planet. Sanloup et al. [1999] , on the other hand, relaxed the SNC hypothesis and considered the Martian composition as a mixture of H ordinary chondrites, and EH enstatite chondrites. One of the two particular mixtures they considered satisfies the constraints imposed by the measured data, except for a smaller value of the polar moment of inertia. The Sohl and Spohn [1997] and Bertka and Fei [1998] models were constructed to fit a moment-of-inertia factor close to the value of 0.3650 ± 0.0012 obtained by Yoder et al. [2003] .
[10] The bulk chemical composition of any Martian model based on SNC geochemical constraints, is different from the CI chondritic composition of the protoplanetary nebula [Longhi et al., 1992] if the crust is thinner than 100 km [Bertka and Fei, 1998 ]. In fact, the set of currently available data is still not sufficient to derive a unique model of Martian mineralogy without any a priori assumption. For example, values of the core radius and core density in the ranges 1500-2000 km, and 6.0 -7.5 g/cm 3 , respectively, can explain equivalently the values of total mass and moment of inertia, depending on the temperature and iron content of the mantle, and on the globally averaged thickness of the Martian crust [Mocquet et al., 1996; Yoder and Standish, 1997] .
3. Data, Parameters, and Constitutive Relationships [11] In what follows, we call ''data'' geophysical quantities which are independently processed from each experiment. Those are (1) the total mass of Mars M, (2) the mean moment of inertia of the crust and the mantle I m,c in spherical geometry, (3) the value of the electrical conductivity s (r) at radius r, and (4) the acoustic wave speed v f (r) at radius r.
[12] We call ''parameters'' the eight quantities that govern our modeling of the internal structure of Mars: (1) the crustal thickness h crust , (2) the mean density of the crust r crust , (3) the bulk fraction of iron in the mantle x Fe , (4) the olivine volume fraction of the mantle X ol , (5) the pressure gradient in the mantle dP/dr, (6) the temperature profile of the mantle T(r), (7) the radius of the core r CMB , and (8) the core mass M C .
[13] The currently a priori knowledge consists of constitutive equations and equations of state (hereafter called PVT equations) and of physical constants. The values of those constants are obtained from laboratory results and summarized in Tables 1 and 2 . The constitutive relationships are derived from theoretical considerations, empirical relations and laboratory experiments.
Modeling Hypotheses
[14] A fundamental hypothesis of the present work is that a future network science mission on Mars is expected to provide data representative of the whole planet, regardless of the extension of the network. It is thus assumed that the sampling of the deep planet is sufficiently homogeneous, and that the effects of lateral heterogeneities are smoothed out along seismic ray paths. Possible deviations from onedimensional structure are expected to be mainly related to the Tharsis rise and to the dichotomy, but they are disregarded in this study. In the following, we thus consider a spherically symmetric, in hydrostatic equilibrium, and isotropic model of internal structure, which is described by a minimal set of parameters. Three main chemically homogeneous regions are considered: the crust, the mantle (with possible phase transitions), and the core. In the present paper, our modeling focuses on the details of mantle structure, with the crust and the core described by integrated parameters.
MNS Data Sets
[15] In this section, we describe the main equations used to obtain MNS data from the measurements performed by the experiments on the Martian surface. The uncertainties associated with these processed data are also discussed. These uncertainty values will constrain the possible values of the parameters during the future inversion of the MNS data sets (to be published elsewhere). The rest of the paper is devoted to a comprehensive description of the forward problem, which links the parameters describing the internal structure of Mars to the processed MNS data sets.
Network Geodesy Experiment
[16] The geodesy experiment NEIGE (NEtlander Ionosphere and Geodesy Experiment) is based on the observation of a radio-signal between the landers and an orbiter around Mars, and between this orbiter and the Earth [Barriot et al., 2001] . The Doppler effect on these signals is related to the relative velocities involved in the radiolinks. By using the Doppler shift measurements, it is possible to obtain the positions and the orientation of Mars in space, as well as their variations. It must be noted that the signal between the landers and the orbiter crosses the ionosphere which perturbs the signal. The use of two different frequencies allows to correct for this effect and to characterize the ionosphere. The NEIGE experiment has thus two different aspects, one related to geodesy, and the other related to the ionosphere. The geodesy part of NEIGE aims at obtaining Mars' rotation (variations of the length of day), its precession and nutations (motion of the rotation axis in space), and its polar motion (motion of the rotation axis in a frame tied to the planet), and at deriving properties of Mars' interior from these observations. The coefficients of a spherical harmonic description of the gravity field are obtained from the orbiter position and velocity perturbations. The degree zero coefficient is equal to GM, where G is the universal gravitational constant, and M the total mass and E 0; ref
represent the preexponential factor and the activation energy, respectively, for an iron fraction y equal to 0.1 (i.e., Mg# = 0.9). The constants a (i) and b (i) govern the iron content contribution to the preexponential factor and the activation energy, respectively. The details of the computation of this table are given by P. Vacher and O. Verhoeven (submitted manuscript, 2004) , except for Ca-pyroxene, whose electromagnetic constants are assumed identical to low-pressure (LP) clinopyroxene values. 
where A= (A + B)/2 is the mean equatorial moment of inertia. Using the precession rate, which is proportional to [17] The NEIGE experiment is designed to improve by one order of magnitude the knowledge of the mean moment of inertia of Mars, reaching an uncertainty of 0.05%. The uncertainty on the mass of Mars is similar. On the other hand, the nutations that will be observed by NEIGE, are very much influenced by the physical state of the core: when the core is at least partially liquid, there is a resonance amplifying the amplitudes of the nutations, due to the existence of a rotational normal mode called the Free Core Nutation [Dehant et al., 2000] . The observation of this resonance will allow us to deduce the physical state of the core, the core mean moment of inertia, and its dynamical flattening and thus to constrain its dimension. The strategy to derive these parameters is explained by Yseboodt et al.
[2003]. The core mean moment of inertia I C is expected to be obtained with an uncertainty of 20%. Therefore the uncertainty on the mean moment of inertia I m,c of the crust and the mantle is evaluated as
for a fraction
roughly equal to 5%, a fraction reasonable regarding the current models of the Martian interior [see, e.g., Sohl and Spohn, 1997] .
Network Magnetometer Experiment
[18] The network magnetometer experiment is based upon the analysis of continuous recordings of the three components of the magnetic field at at least three network stations (see, e.g., Menvielle et al. [2000] for an extensive description of the network magnetometer experiment proposed for NetLander, MagNet).
[19] The study of the electrical structure of the planet is performed by means of electromagnetic sounding techniques, based upon the estimation and analysis of the complex inductive impedance, which characterizes the inductive response of the conductive planet. The inducing primary 
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field is the transient magnetic field of external origin, which is the magnetic signature of the plasma flow and current in the ionized environment; the secondary induced field of internal origin depends on time and space characteristics of the external field, and on the distribution of electrical resistivity inside the planet. Qualitative considerations suggest that the primary external field has an intensity of typically few 10 nT, with frequencies ranging from few Hz down to about 10 À5 Hz, and even less, and spatial wave number from regional (few 10 À6 m À1 ) to planetary (few 10 À8 m
À1
) scales [see, e.g., Menvielle et al., 1996 Menvielle et al., , 2000 .
[20] The Mars Global Surveyor magnetometer experiment [Acuña et al., 1999] has demonstrated the existence of large magnetic anomalies, which are the signature of Mars crust remanent magnetization. Direct interaction between the interplanetary magnetic field (IMF) and these anomalies exists when the magnetic field of crustal origin is intense enough at the outer boundary of the Mars ionized environment to make possible its magnetic reconnection with the IMF. Such interaction, demonstrated on the Mars Global Surveyor magnetic observations [Acuña et al., 1999] , results in the formation of extended, multiple, Earth like magnetosphere cusps and magnetic reconnection regions. The spatial extent of these structures, and thus that of the associated external magnetic fields, is directly related to that of the responsible magnetic anomalies. We assume hereafter that the network configuration is consistent with the expected typical spatial wavelength of the external field far from the regions of intense static anomalies and that the landing sites of the network stations avoid these regions.
[21] In the case of the Earth, electromagnetic studies demonstrate that the electrical structure of the lithosphere and upper mantle can be described in terms of average 1-D models (where the conductivity s only depends on the depth z) depending on the overall tectonic history of the region, with heterogeneous structures that mark present or past geodynamic structures [see, e.g., Tarits and Jouanne, 1990; Hjelt and Korja, 1993] . The present knowledge of Mars' inner structure strongly suggests that the same situation also prevails for its Northern lowlands and Southern highlands, separated by the dichotomy with the exception of large impact craters and volcanoes. We therefore assume that the Mars inner conductivity in the network area only depends on the depth (1-D situation), which comes down to the assumption that the network area does not encompass any major tectonic structure.
[22] The impedance Z can be related to the magnetic field H using Maxwell's equations [see, e.g., Schmucker, 1970; Kuckes, 1973a Kuckes, , 1973b Berdichevsky et al., 1976] :
where w is the frequency, x and y are in the horizontal plane, and z is the vertical direction; x, y, and z form a direct frame. m is the magnetic permeability of the medium, equal to that of vacuum for most of geological materials on the Earth and therefore on Mars.
[23] Unfortunately, one cannot expect to directly obtain useful estimations of the horizontal gradients of the magnetic field from simultaneous measurements at only 3 different locations. We further assume that the field at the surface of Mars (and in the insulating Mars atmosphere) behaves as a superposition of independent plane waves H(w, k(w)) of wave vector k(w). In such a case the spatial gradient determination is equivalent to wave-vectors identification, which is performed using a multipoint data analysis technique initially developed in the frame of the ongoing ESA multispacecraft Cluster mission Lefeuvre, 1991, 1992; Motschmann et al., 1996] . This technique only allows us to estimate the modulus of the impedance jZ(w, k(w))j 2 , so that only apparent resistivities can be computed:
(see Pinçon et al. [2000] for an extensive presentation of the technique analysis). The set of r a (w, k(w)) apparent resistivities computed using formula (5) with the estimated k(w) is then likely to be representative of the 1-D average structure of Mars below the network. We assume that the network area does not encompass any major tectonic structure.
[24] Finally, the conductivity profile s (r) and the corresponding confidence intervals are estimated from the variation with frequency of r a (w, k(w)) by means of 1-D inversion techniques already developed and used for the Earth. For further information on these techniques, the reader is referred to, e.g., Parker and Whaler [1981] , to Grandis et al. [1999] , and to Parkinson and Hutton [1989] for a review.
[25] The uncertainties on the computed conductivity profile s (r) result from (1) the noise on the magnetic measurements, (2) the effect of the network geometry on the wave field analysis, and (3) the impact of the uncertainties on the estimated r a (w, k(w)).
[26] Regarding the present state of the art for the flux-gate magnetometers, the noise on the magnetic measurements is mostly due to the magnetic field perturbations generated at the magnetometer sensor by the lander activities. Particular attention is paid to magnetic cleanliness issues during the lander design and test, to minimize as far as possible the intensity of this noise [Kuhnke et al., 1998 ]. As a result of the a priori knowledge included during the wave field identification, the resulting effect is expected to be on the order of a few percent, or even less on individual k(w) determination.
[27] The horizontal gradient of the magnetic field is a two-dimensional structure; hence its determination requires, as a minimum, three stations in a two-dimensional configuration. The impact of the network configuration is demonstrated by the spatial aliasing effect which may distort the obtained spectra. This effect is similar to the one observed in the case of under-sampling of time series. Without the knowledge of the actual minimum characteristic wavelength of the field, there is no satisfactory way from multipoint measurements alone to identify whether spatial aliasing is occurring or not. Fortunately, in our case, additional spatial information about the magnetic field is used from the a priori knowledge included during the wave field identification. The main effect of this additional information is to moderate to a large extent the limitation due to aliasing (see Pinçon et al. [2000] for further details).
[28] Considering a network configuration and a duration of mission suitable to derive a valuable set of k(w), all these uncertainties may be considered as resulting in a global uncertainty of 20% on the impedance determinations. The related uncertainties on the s(r) profiles depend on the inversion procedure. Simulations using the stochastic procedure proposed by Grandis et al. [1999] have been made with possible models of conductivity distribution in Mars. The results show that knowing the impedance within a precision of about 20% for frequencies ranging from 1 Hz to 10 À5 Hz allows one to probe the electrical structure of Mars for depths ranging from a few kilometers to a few hundreds of kilometers, and even 1200 kilometers in the case of a cold Mars mantle [Mocquet and Menvielle, 2000] .
Network Seismic Experiment
[29] A very broadband seismic network on a planet records three types of waves: both longitudinally and transversely polarized high-frequency body waves (P-and S-waves), low-frequency surface waves, and free oscillations. In the case of radial symmetry, the inversion of travel times as a function of distance, and the inversion of waveform data, provide values of P-and S-wave speeds (v P (r), and v S (r), respectively), and information on the location at depth of major seismic interfaces, such as the radius of the core-mantle boundary r CMB or the radius of the crust-mantle boundary r crust . Free oscillation data could also provide additional information on the density profile of the planet and could be detectable on Mars [Lognonné et al., 1996] .
[30] The determination of wave velocities and depths of interfaces from the arrival times of seismic body waves is a classical problem, which is extensively explained in seismological textbooks [e.g., Aki and Richards, 1980, chap. 12; Bullen and Bolt, 1987, chap. 7] . Using ray geometry, the observed arrival time t of a body wave (either P or S) generated at the surface, and recorded at the epicentral distance D after traveling through a stack of concentric spherical shells, is
where the ray parameter p, i.e., the derivative of the travel time with respect to distance, is constant along ray path, v stands either for P-or S-wave speed at radius r, and the subscript p indicates that values are evaluated at the deepest point of the ray.
[31] For a given set of observations t(D), the retrieval of v(r) using equation (6) is a nonlinear inverse problem, which is traditionally addressed in two ways: either by linearized inversion techniques applied in steps [e.g., Johnson and Gilbert, 1972] , or by nonlinear inversion methods. The latter method is preferred for sparse nonterrestrial data [Khan et al., 2000; Khan and Mosegaard, 2002; Lognonné et al., 2003] because it makes it possible to analyze uncertainties and nonuniqueness of the output models. In practice, the planetary models are subdivided in a number of shells of variable size. Each layer is characterized by its physical extent, and by a smooth polynomial variation of seismic wave speeds.
[32] At present time, a complete description of the elastic structure has only been achieved for the Earth, and PREM [Dziewonski and Anderson, 1981 ] is now extensively used in both seismological and geodynamical studies of our planet. The record of lunar seismological data by the Apollo missions (for a review, see Lognonné and Mosser [1993] ) provided a more restricted, but still very valuable set of information on the seismic properties of the mantle, and on the crustal thickness of the Moon [e.g., Toksöz et al., 1974; Goins et al., 1981; Nakamura, 1983; Khan et al., 2000; Vinnik et al., 2001; Khan and Mosegaard, 2002; Lognonné et al., 2003] . The values of PREM are determined with an error of the order of a few tenths of a percent. For the Moon, the spatial distribution of the hypocenters, the restricted aperture of the network, and the monochromatic nature of Apollo records did not allow for the detection of a possible core, but modern techniques of signal processing and stochastic inversion enabled Lognonné et al. [2003] to reevaluate seismic velocities inside the Lunar mantle with an a posteriori error in the range 2 -6%. This low uncertainty was obtained by a reprocessing of the whole data set produced between 1969 and 1977, including artificial impacts, meteorite impacts, shallow moonquakes, and deep tidally triggered moonquakes. A particular attention was devoted to the estimation of P and S arrival time errors, to the relocation of the events, and to a reassessment of the crustal thickness using converted phases at the crust-mantle boundary. The mean error of the arrival times used in the inversion was about 2 s. The variability of the 1-D model derived by Lognonné et al. [2003] is up to twice larger than the error on seismic velocity measurements. This result suggests lateral velocity variations which still need to be identified. A 2 s error is at least twice the worst expected error on the picking of body-wave arrival times using modern very broadband seismometers. Taking into account both the high-quality of the seismometers which are currently constructed for future planetary network missions [Lognonné et al., 2000] , and the moderate level of seismicity which is expected for Mars [Phillips, 1991; Esposito et al., 1992; Golombek et al., 1992] , it can be reasonably expected that seismic velocity profiles of the Martian mantle will be determined with an error lower or equal to 2%. For a detailed statistical analysis of a seismic network efficiency on Mars, we refer the reader to Mocquet [1999] .
[33] In the present study, the constraint provided by seismological data is defined by the acoustic wave speed v f :
where K is the bulk modulus, and r is the density. Two main reasons lead us to use v f (r) instead of P-and S-wave speeds separately. From the point of view of laboratory experiments, the pressure and temperature dependence of elastic moduli is by far better documented for bulk moduli than for shear moduli. Reviews concerning this topic are given by, e.g., Duffy and Anderson [1989] , Jackson and Rigden [1998] , Vacher et al. [1998] , and . Moreover, the extrapolation of the results obtained in the laboratory at high frequencies (MHz to GHz) to the seismic frequency domain ($1 Hz), is also more difficult for the shear modulus than for the bulk modulus [e.g., Karato, 1993] , because the dissipation of shear strain energy is about one hundred times larger than the dissipation associated with volume changes. Promising data have been obtained by Jackson et al. [2002] on olivine polycrystals at high temperature and seismic frequencies, but the available data set is still not sufficiently documented for our purpose.
Parameters
[34] The crust is described by its mean thickness h crust and its mean density r crust . The parameters characterizing the core are its mass M C and its radius r CMB . The crustal thickness h crust can be constrained by topographic, gravimetric and seismic data. Both the geodetic and seismic experiments constrain the values of r CMB . The mantle composition is defined by the bulk fraction of iron x Fe , and olivine fraction X ol , where x and X refer to chemical and mineralogical fractions, respectively. For the sake of simplicity, and in view of the moderate size of Mars, the pressure profile is assumed to increase linearly with depth in the mantle [Sohl and Spohn, 1997; Mocquet and Menvielle, 2000] , and the value of the pressure gradient dP/dr is a model parameter. The latter assumption of a linear increase of mantle pressure is not restrictive. It can be easily relaxed if a larger planet is considered.
Constraints From Laboratory Experiments
[35] The relations between the data and the parameters depend on mineralogical and thermodynamical constraints, which are provided by laboratory experiments. In this section, we present the relevant information to calculate the mineralogy of our Martian mantle models. We consider 11 different minerals or phases. Under the assumption of mantle chemical homogeneity, the mineralogical composition is uniquely defined at all depths, once the mantle parameters x Fe , X ol , dP/dr, and T(r) are chosen. Experimental results on the phase diagrams of mantle minerals will be essential for this. The computation of observables entering our forward problem at standard temperature and pressure is explained below.
Starting Composition
[36] Once an olivine content X ol is chosen, we calculate the composition of the non olivine subsystem. Let us consider previously published bulk compositions of the Earth [see, e.g., Irifune, 1987; Javoy, 1995] and Martian mantle [Morgan and Anders, 1979; Dreibus and Wänke, 1985; Kamaya et al., 1993; Bertka and Fei, 1997; Sanloup et al., 1999] . These compositions are listed in Table 3 . Figure 1 plots the contents of orthopyroxenes (X opx ) versus olivine (X ol ) and clinopyroxenes (X cpx ) versus X opx . The most striking relationship is the decrease of the volume fraction of (Mg, Fe)SiO 3 orthopyroxenes with increasing volume fraction of (Mg, Fe) 2 SiO 4 olivine. The latter feature was indeed expected since both minerals are made of similar oxides. The second plot (Figure 1 (right) ) enables us to define the relative proportions of ortho-and clinopyroxenes. The following empirical relations are proposed, assuming linear X opx À X ol and power law X cpx À X opx trends:
where X gt is the garnet content. For any chosen value of X ol , these relations give a modal composition that is roughly consistent with the petrological or cosmochemical arguments classically used to model mantle bulk compositions, as listed in Table 3 . Note that the proposed model precludes compositions made of more than 70.3 volume % olivine (see dashed line in Figure 1 ).
[37] The models of the Martian mantle reported in Table 3 all have Mg number (Mg #) in the range 70-80%. To broaden the set of mineralogies studied in this paper, we shall consider that the bulk iron fraction x Fe , equal to (1 À Mg #), belongs to the range 10 -40% [see also Mocquet et al., 1996] .
Phase Diagrams
[38] With the temperature and pressure increase, olivine, orthopyroxene, clinopyroxene and garnet undergo phase transitions. The volume fractions of the new mineral phases are computed using phase diagrams evaluated from laboratory measurements. Two independent subsystems are considered: the phase diagram of olivine and its high pressure phases, and a phase diagram for all other components.
[39] The phase diagram of olivine can be computed at any temperature, using calorimetric data. We use here the method and data of Akaogi et al. [1989] . We refer the Figure 1 . Relationships (left) between the volume contents of orthopyroxene X opx and olivine X ol and (right) between the volume contents of clinopyroxene X cpx and X opx in the terrestrial and Martian mineralogical models listed in Table 3 . Dashed curves correspond to equations (8) and (9).
reader to this paper for more details. The iron partitioning between perovskite and Mg-Wüstite is taken from Andrault [2001] .
[40] The phase diagram of the other components, pyroxenes, garnet and their high pressure phases, is much more complex, and cannot be simply computed from calorimetric data. At pressures below 10 GPa (Figure 2) , experimental results indicate that (Mg, Fe)SiO 3 pyroxenes exhibit several phase transitions (see Ulmer and Stalder [2001] for a recent review). At high temperatures and moderate pressures, Ca-poor pyroxene is orthorhombic (opx). A monoclinic polymorph is stable at low pressure and low temperature, LCpx, and another monoclinic polymorph forms at high pressure, HCpx. Experiments performed with fayalite-MgOquartz mixtures at 1473 K constrain the width of the loop for the opx-HCpx transition to be at most 0.2 GPa [Woodland, 1998] . In the Earth's mantle, this phase transition might be the cause of the ''X-discontinuity'', occasionally reported at a depth of about 300 km [e.g., Revenaugh and Jordan, 1991; Deuss and Woodhouse, 2002] . Lower pressures in the Martian mantle will shift this phase transition to deeper depths.
[41] Consider now transformations of pyroxenes at higher pressures. A large number of experimental studies have been performed in the system MgSiO 3 (enstatite)-Mg 3 Al 2-Si 3 O 12 (pyrope), because this system is probably the most relevant for studying the Earth's mantle, given its relatively high Al 2 O 3 content and high Mg number. Indeed, if the olivine part of pyrolite is subtracted out, the bulk Al 2 O 3 content in pyroxene and garnet must be around 12% [e.g., Kubo and Akaogi, 2000] . With such a composition, pyroxene dissolves into majoritic garnet at pressures around 14-16 GPa, both at low temperatures (i.e., 1273 K [Kanzaki, 1987] ) and high temperatures (i.e., 1573, 1873 K [Akaogi et al., 1987] Figure 2 shows these different transformations in the pressure-temperature space. [42] Complexities may arise when considering bulk compositions of the Martian mantle. When compared to the Earth's mantle (see Table 3 ), the Martian mantle is probably iron rich (low Mg number) and Al 2 O 3 depleted (except for the composition proposed by Morgan and Anders [1979] ). These two features should stabilize an assemblage of ringwoodite + stishovite instead of majorite in the MgSiO 3 -FeSiO 3 system at high temperature (i.e., 2023 K [Ohtani et al., 1991] ) and in the system FeSiO 3 -Fe 3 Al 2 Si 3 O 12 at low temperature (i.e., 1273 K [Akaogi and Akimoto, 1977] ). However, we have chosen to consider only majorite in the phase diagram of Figure 2 , for two main reasons. First, the experimental results mentioned above have been obtained for simple binary systems, but the combined effects of high Fe and low Al contents on pyroxene-garnets transitions is unknown. Second, the experiments of Bertka and Fei [1997] reported only majorite garnet (plus olivine highpressure phases) in the pressure range 16 -22 GPa, but no other phase.
[43] Finally, the question of Ca-bearing phases must be examined. At low pressures, Ca-pyroxene (diopside) is stable, and garnet contains a slight amount of CaO, that can be simulated as independent grossular for simplicity [e.g., Vacher et al., 1998 ]. However, Bertka and Fei [1997] showed in their experiments that less than 5% Ca-garnet should form in a SNC composition. Furthermore, elastic properties of Ca-bearing garnet are relatively close to those of pyrope (see, e.g., compressional data of Conrad et al.
[1999]), and electrical properties are still unknown, to our best knowledge. Therefore this mineral is neglected here. At high pressures, majorite is the only Ca-bearing phase reported in the experiments of Bertka and Fei [1997] , who did not observe Ca-perovskite. This latter phase is therefore not included in the present study.
Experimental Data at Standard Temperature and Pressure
[44] For each mineral i we give here the constants appearing in the constitutive relations between the data and the parameters. The experimental values at Standard Temperature and Pressure (STP: P 0 = 10 5 Pa, T 0 = 298 K) are listed in Tables 1 and 2 . We denote STP values by the subscript 0, unless stated otherwise.
[45] Table 1 lists the STP values of the constants needed to compute electrical conductivity. Further explanations are needed here. With some rare exceptions, electrical conduction is a thermally activated process and is well represented by an Arrhenius-type law,
where E 0 (i) and s 0 (i) are the activation energy and the preexponential factor, respectively, DV (i) is an activation volume, and k is Boltzmann's constant. In the case of materials which are expected to be present in the mantle of terrestrial planets, the activation volume is generally found to be very small, if not of the order of the experimental uncertainty, thus indicating a weak dependence on pressure of the electrical conductivity [e.g., Duba et al., 1974; Parkhomenko, 1982; Xu et al., 1998 ]. As a result of this, the pressure dependence is often disregarded, and so do we in the following.
[46] The preexponential factor s 0 (i) and the activation energy E 0 (i) depend on the iron fraction in mineral i. This iron fraction y (i) is equal for all minerals to the bulk iron fraction x Fe except at phase transitions where it is evaluated from phase diagrams.
[47] Equation (11) thus becomes
[48] As we allow the bulk iron fraction to vary in the interval [10%, 40%], we need to know the iron dependence of the electrical conductivity. To our best knowledge, laboratory results that are available in the literature do not sample such a wide (y (i) ) domain for all minerals. We therefore estimate s (i) (y (i) ) by means of empirical models. P. Vacher and O. Verhoeven (Modelling the electrical conductivity of iron-rich minerals for planetary applications, submitted to Planetary and Space Science, 2004; hereinafter referred to as Vacher and Verhoeven, submitted manuscript, 2004) show that all the measurements of the electrical conductivity of the various minerals considered in this paper can be described in terms of a simple empirical model:
[49] In these equations, s 0; ref
is the value of the electrical conductivity for the limiting case where the temperature goes to infinity, and where the iron fraction is equal to y ref and E 0 (i) is the activation energy for an iron fraction equal to y ref . This reference iron fraction y ref is set to 0.1, which is the iron fraction usually assumed for the terrestrial mantle. The term a (i) log(y (i) /y ref ) expresses that the electrical conductivity is proportional to the concentration of the charge carriers, itself proportional to some power a (i) of the iron fraction [Tyburczy and Fisler, 1995] . For most of the minerals we consider, the activation energy E 0 (i) does not show any significant iron fraction dependence. For some minerals, however, such a dependence is observed: it can be accounted for by means of a linear term
. The values of the constants entering equations (13) and (14) can be found in Table 1 for each mineral. Further details on the derivation and computation of the empirical models are given by P. Vacher and O. Verhoeven (submitted manuscript, 2004) .
[50] Table 2 gives the STP values of experimental data for density and elastic moduli. The density r 0 (i) at STP temperature T 0 and pressure P 0 , and its temperature dependence, a (i) (P 0 ,T) are obtained from laboratory results. The increase of density due to the iron substitution in the mineral (i) at STP conditions is noted r 0,Fe (i) in Table 2 . The density of the mineral (i) at STP conditions is therefore computed as r 0 (i) + y (i) .r 0, Fe (i) . For most minerals, the variation of the thermal expansivity a (i) (P 0 ,T) is well described by an empirical polynomial law (see, e.g., the compilation by Saxena and Shen [1992] ):
where the constants a 0 (i) , b 0 (i) and c 0 (i) can be read from Table 2 , and the constants d 0 (i) are equal to zero except for the akimotoite for which it is equal to À0.1808 [Ita and Stixrude, 1992] .
[51] The acoustic wave speed v f (r) is equal to the square root of the ratio of the bulk modulus K over the density r (see equation (7)). We show in Appendix A that the computation of K requires the knowledge of the isentropic bulk modulus K S 0 (i) and of its temperature and pressure derivatives,
, respectively. According to laboratory results, the iron dependence of the bulk modulus is assumed to be linear, leading to a bulk modulus equal to, at STP conditions,
is the derivative of K S 0 with respect to iron content.
[52] It should be noted that the effect of aluminous phases is not accounted for in the constants listed in Table 2 . We estimated from experimental works that including Al in pyroxene or garnet increases by less than 3% their respective seismic velocities.
Forward Problem
[53] This section details the forward problem used to compute synthetic MNS data from given parameter values. A previous version of the code which computes seismic velocities for given pressure-temperature conditions and mineralogical compositions of the Earth's upper mantle has been tested against radial seismic models [Dziewonski and Anderson, 1981; Kennett et al., 1995] by Vacher et al. [1998] . A similar forward problem has also been used by Cammarano et al. [2003] to compute synthetic seismic velocities for the Earth. The trade-offs between uncertainties on composition, temperature and laboratory measurements are discussed in the latter paper. Concerning the electrical conductivity, our formula (equation (12)) reduces to the formula of Xu et al. [2000] when dealing with terrestrial minerals. The schema of our forward problem is as follows:
[54] 1. Compute from X ol and x Fe the relative amounts of orthopyroxene (equation (8)), clinopyroxene (equation (9)) and garnet (equation (10)).
[55] 2. Use the phase diagrams described in section 3.4.2 along with the temperature profile T(r) and pressure gradient dP/dr to compute the volume fractions X i (r) of the different mineral phases. Derive also the iron fraction y (i) (r) of each mineral (i) from the bulk iron fraction x Fe .
[56] 3. For each mineral (i), correct STP values of the density r 0 (i) and bulk modulus K S 0 (i) for the effect of iron content using iron fraction y (i) (r) (see section 3.4.3).
[57] 4. For each mineral (i), compute the electrical conductivity s (i) (r) (equation (12)) as a function of T(r) and its iron fraction y (i) (r).
[58] 5. Use a two steps procedure (isobaric heating followed by adiabatic compression) to calculate the density r (i) (r) (equations (A8) -(A9)) and K (i) (r) (equation (A10)) of each mineral (i) as a function of T(r) and P(r). This procedure starts from measurements of density and bulk modulus at STP conditions and is explained in Appendix A.
[59] 6. Compute the density r(r) of the assemblage at depth r as the arithmetic mean of individual densities r (i) (r) weighted by their volume fraction X (i) . Bulk modulus K(r) and electrical conductivities s(r) are computed from the individual values, K
(r) and s (i) (r) respectively, using the procedure of Shtrikman [1962, 1963] .
[60] 7. From the values of r(r) and K(r), compute the acoustic wave speed profile v f (r) using equation (7) and the mass and moment of inertia of the crust and the mantle using equations
where r crust = a À h crust and a is the radius of the spherical planet.
[61] This procedure has to be slightly modified when we consider the possibility of a partial melt region in the Martian mantle. The detection of this region is performed before step 1 by looking at the depth where the temperature profile T(r) crosses the solidus of anhydrous peridotite of Takahashi [1990] . A particular degree of melting depends on the temperature and on the water content, because the latter controls the position of the solidus in the pressuretemperature space. The past and current water contents and partial melting of the Martian mantle are still a matter of debate. The available data come from geochemical studies of SNC meteorites of different ages. Nevertheless the later data is relevant for a discussion on the generation of the primary basaltic Martian crust (e.g., by crystallization of a global magma ocean) and it cannot be used directly to constrain the present-day water content and thermal state of the Martian mantle. Indeed SNC meteorites were ejected several hundreds of million years ago, after the end of any water recycling process inside Mars. Considering the absence of current plate tectonics and volcanic activities on Mars, we thus assume that the degree of partial melting, if any, cannot exceed a few percent on a global scale. For a given temperature, the degree of partial melting X melt is assessed using the lever rule between the solidus and the liquidus [Takahashi, 1990] . Considering that the Martian mantle is almost dry, it can be reasonably assumed that both density and incompressibility are not affected by anelastic relaxation. In such a case, the geodetic and seismic data are not expected to detect partial melting in the mantle. On the contrary, the electrical conductivity is highly sensitive to the presence of conductive fluids (melted rocks and/or H 2 O-rich fluids) because their conductivity s f (typically between 1 and 10 S m
À1
) is very large compared to that of unmelted materials (e.g., typically between 10 À4 and 10 À2 S m À1 for dry olivine under terrestrial mantle conditions). The electrical conductivity of iron-rich melted samples is poorly known, and we simply take it to be 1000 times larger than that of solid rock as suggested by, e.g., Roberts and Tyburczy [1999] or Waff and Weill [1975] . When the fraction of conductive fluids X melt is low (typically lower than 1% [see, e.g., Tarits, 1986, and references therein]), the melted phase does not make up a continuous conductive network through the resistive matrix of unmelted materials. In this case, the bulk electrical conductivity is computed using the above procedure. If the percentage is larger than 1%, the melted rocks make up a continuous network, and the bulk electrical conductivity is computed using the Hashin-Shtrikman upper bound for a two-body assemblage [Waff, 1974] : the solid rock, with volume fraction (1 À X melt ) and electrical conductivity computed as stated above, and the molten part, with volume fraction X melt and electrical conductivity equal to 1000 times the value of the conductivity of the solid rock.
Models of Mars' Interior
[62] For each set of values chosen for the parameters h crust , r crust , x Fe , X ol , dP/dr, T(r), r CMB and M C , the procedure described in last section allows us to compute synthetic data M, I m,c , s(r), and v f (r). Although most of these data are currently not constrained, values for the mass and global moment of inertia have already been obtained from previous spatial missions [ Lemoine et al., 2001; Yoder et al., 2003] . Therefore any realistic model of Mars' interior has to fit these observables. Of course, these two constraints do not impose values for all parameters and, prior to any network science result, a large set of models is still possible. In the following, we have chosen to describe eight of them. They correspond to particular choices for the thermal profile T(r) and the mineralogy of the mantle parameterized by x Fe and X ol .
Thermal Profiles
[63] We propose to consider for the thermal profile T(r) a cold temperature profile T c and a hot one T h (Figure 3) . They correspond to plausible end-members suggested by the present-day results of models designed for Mars thermal evolution [Breuer and Spohn, 2003] .
[64] Breuer and Spohn [2003] investigate the influence of an early epoch of plate tectonics on the crust production and the possible generation of a magnetic field. Their models include the redistribution of radioactive elements associated with melting and the production of crust. One of their conclusions is that such an early stage of plate tectonics cannot reconcile both an early magnetic field and an acceptable history for crust production. Therefore we prefer to use a simple model assuming stagnant lid cooling through the whole history of the Martian mantle. Our T c profile may be considered as the lower bound of their calculation results. Down to 450 km depth, profile (T c ) is characterized by a thermal gradient of 2.7 K/km (conductive lid). Between 450 and 550 km depth, this gradient is decreased to 2.3 K/km corresponding to the boundary between the conductive stagnant lid and the thermal boundary layer. At greater depth, the temperature increases adiabatically (0.12 K/km) down to the core-mantle boundary. Using the liquidus and solidus of anhydrous peridotite of Takahashi [1990] , we observe that profile (T c ) is always colder than the solidus temperature profile. This is always the case for present-day results of Breuer and Spohn [2003] ; whatever the viscosity law, an early plate tectonics event would even cool more efficiently the mantle.
[65] However, more recent work by D. Breuer (personal communication, 2003) tends to indicate that a more realistic value of the thermal conductivity of crustal rocks may steepen the present-day temperature gradient in the lithosphere. The model associated with profile (T h ) proposes a value of 2 W.m
À1
.K À1 for the thermal conductivity in the crustal basaltic layer, smaller than the mantle value (4 W.m
.K
) used everywhere for the cold profile T c . The value of the crustal thickness is 100 km. The conductive lid in profile T h is $150 km thinner than in T c . The temperature increases in three steps with three distinct gradients: 6.4 K/km and 3.4 K/km within the crust and the conductive mantle, respectively, followed by an adiabatic increase of 0.12 K/km down to the core-mantle boundary.
[66] The change in thermal conductivity induces a thin layer of partial melt at a depth of about 400 km in profile (T h ) (Figure 3 ).
Compositions
[67] For each of the thermal profiles T c and T h (section 5.1), we consider four mantle compositions among those described in Table 3: (1) an Earth-like Primitive Mantle (PM) derived from Javoy's [1995] geochemical composition, (2) the mineralogical (DW) model of Bertka and Fei [1997] derived from Dreibus and Wänke's [1985] study of SNC meteorites, and (3 and 4) the two models proposed by Sanloup et al. [1999] , where the Martian mantle composition is considered as a mixture of H and EH chondrites, namely, EH45 and EH70, where the number denotes the weight fraction of EH chondrites entering the Martian mantle composition.
[68] As can be observed from Figure 1 , these four compositions are defined by olivine and bulk iron fractions which are very different from each other. Therefore the four compositions associated with the two extreme thermal profiles T c and T h lead to a sampling of our models of the internal structure of Mars.
Synthetic MNS Data Set
[69] For the eight models presented here, we divided the mantle into 100 layers of identical thickness (roughly 20 km).
[70] To specify a model, the mean crustal density r crust and thickness h crust , the pressure gradient in the mantle Figure 3 . Temperature profiles for the mantle as functions of the radius r or depth d. The labels T h and T c refer to the hot and cold profiles, respectively. These two profiles may be considered as the end-members of the thermal evolution models of Breuer and Spohn [2003] . Solidus and liquidus are from Takahashi [1990] . The hot profile T h induces a partial melt fraction of 1.8% at a depth of about 400 km. dP/dr, the core radius r CMB and mass M C remain to be set. In our layered model of the Martian mantle, both temperature profiles correspond to h crust $ 100 km. Accordingly the latter value is used for the 8 models. Values of r crust , r CMB and M C are tuned in such a way that the mass of the whole planet is close to the measured value 6.41850 10 23 kg [Lemoine et al., 2001] and that the moment-of-inertia factor C/MR 2 is close to the value of 0.3650 obtained by Yoder et al. [2003] . Since the discretization of the problem induces numerical biases and since we consider an homogeneous core, we allow for uncertainties on the computed values of the total mass and C/MR 2 of 0.1% and 0.5%, respectively. Previous studies [Mocquet et al., 1996; Sohl and Spohn, 1997] have shown that the value of the pressure gradient in the mantle is close to 0.012 GPa/km, and that it does not deviate by more than 0.1 MPa/km among previously published models. This value is therefore used here. The values of the parameters obtained for each model are listed in Table 4 . In the following, the eight models are denoted by their mineralogies with an index c or h referring to the thermal profile T c or T h , respectively. The density is always greater for the cold mantle, resulting in lighter crust and core, as can be observed in Table 4 .
[71] The synthetic mass of Mars M, the moment-of-inertia factor C/MR 2 and the moment of inertia of the mantle and crust I m,c are written in Table 5 for each model. The EH70 and PM mantles are so light that large values of the core size and crustal density are needed to get close to the C/MR 2 accepted range. Note that the model PM h associated with a crust thickness of 100 km appears to be inconsistent with the mass and C/MR 2 constraints. Moreover, core radii larger than 1800 km seem too large regarding the results of Yoder et al. [2003] . As expected, models EH45 and DW lead to computed mass and C/MR 2 values closer to the observed values than PM and EH70. The simulated density, acoustic wave speed and electrical conductivity profiles are represented in panels a to c of Figures 4, 5, 6 , and 7 for the DW, EH45, EH70 and PM models, respectively. The phase diagrams are computed following the procedure described in section 3.4.2. The mineralogical compositions of each model are represented on panels d and e of Figures 4, 5, 6 , and 7 for the DW, EH45, EH70, and PM models, respectively. Note that perovskite and Mg-wüstite are not present in any model because the pressure at the core-mantle boundary is too small.
[72] The electrical conductivity of all the models corresponding to the hot profile T h , denoted s h on the graphs, presents a peak of one order of magnitude at a depth close to 400 km. This is due to the presence of a very small region of partial melting in the upper mantle. The precise width and amplitude of this peak depend on both the chosen conductivity of the melted phase (chosen here to be 1000 times the conductivity of the solid rock; see section 4) and on the discretization of the mantle (here 100 layers of equal thickness). The mean log(s) value averaged over the whole mantle appears slightly correlated with the bulk iron fraction: this value is roughly equal to À1.5 (for s h ) and À2.5 (for s c ) for both the PM and EH70 models (x Fe = 0.09 and 0.2, respectively) and À0.5 (for s h ) and À1.5 (for s c ) for both DW and EH45 (x Fe = 0.25 and 0.28, respectively).
[73] For all the models, the different zones of the temperature profiles are clearly recognizable on the simulated data. The shallow thermal conductive layer is marked by a stagnation or even a decrease of the density, a stagnation or a slight increase of the acoustic wave speed value and a several order of magnitude increase of the electrical conductivity. Down to the core mantle boundary, in the deeper convective region, the prevailing adiabatic conditions translate in a monotonic increase with depth of v f (r) and r, locally perturbed by the successive mineralogical transformations; the electrical conductivity variations are steplike. Between the occurrences of mineralogical transformations, the small temperature increase along the adiabats (less than 200 K across the whole layer) do not induce significant s variations, here assumed to be pressure independent.
[74] Jumps corresponding to successive phase transitions (panels d and e of Figures 4, 5, 6, and 7) are clearly visible on the data profiles. For the DW and PM models (Figures 4  and 7) , the jump corresponding to the olivine to wadsleyite transition can be observed in r, v f and s at a depth of about 1000 km for DW and 1200 km for PM; for the EH45 and EH70 models (Figures 5 and 6 ), the v f profiles do not exhibit any significant sharp increase and the r profiles present a noticeable jump at a shallower depth of about 800-900 km, corresponding to the orthopyroxene to high pressure clinopyroxene transition. Note that the amplitude of the jumps in the r profile is larger for the EH70 model than for EH45. The variations in depth and amplitude of all these jumps are related to the three following parameters of [1995] and Dreibus and Wänke [1985] , respectively. EH45 and EH70 refer to the models proposed by Sanloup et al. [1999] . The index c or h refers to the thermal profile T c or T h , respectively. The Marstherm T c is taken from Breuer and Spohn [2003] . The Marstherm T h (D. Breuer, personal communication, 2003) allows for 1.8% of partial melting at a depth close to 400 km. r crust , mean crustal density; x Fe , bulk iron fraction of the mantle; X ol , volume fraction of olivine in the mantle; dP/dr, pressure gradient; h crust , crust thickness; M C , core mass. the models: X ol , x Fe and the temperature profile. The intersection of the thermal profile with various phase boundaries defines the depth of the corresponding jumps. The amplitude of a given jump results from the abundance of the phase undergoing the transition, related to X ol through equations (8) to (10). Phase diagrams depend on the bulk iron fraction x Fe ; hence both depths and amplitudes of the jumps vary accordingly.
[75] The joint set of electromagnetic, geodetic and seismological data makes it possible to discriminate among the eight models. Down to 500 km depth, electromagnetic data are the most sensitive to temperature variations. In the deeper mantle, the value of the acoustic wave speed parameter v f strongly depends on the mineralogical content. Concerning the bulk iron fraction of the mantle, electromagnetic data should enable us to discriminate among end-members models, namely, an Earth-like mantle (x Fe $ 0.1) and an iron rich mantle (x Fe $ 0.3). The nonunique interpretation of conductivity increase, due to either temperature increase or iron enrichment, is expected to be resolved using geodetic and seismological data. A temperature increase results in a decrease of the density and a decrease of the acoustic wave speed while an iron enrichment in the mantle leads to an increase of the density and a decrease of v f . The possibility of discriminating between the different models with incomplete data will be addressed when considering the inversion (A. Rivoldini et al., manuscript in preparation, 2005) .
Conclusion
[76] The procedure developed here emerged from a cooperation between members from geophysical teams of the NetLander project, which was devoted to network science on Mars. This planet is henceforth taken as an example of application, but the method is quite generic and can be applied with minor modifications to the study of any other telluric planet. The originality of the approach comes from the diversity of the geophysical data set, which derives from four different kinds of equations: equations derived from a potential for the geodetic data, diffusion equations for the electromagnetic data, propagation equations for the seismic waves, and constitutive and PVT equations for the physical properties of mantle minerals. In this first paper, we develop a method to construct physical and mineralogical models of the Martian mantle, suitable to be used in a future inversion of network data. Among this set, we choose eight mineralogical and physically sounded models which will be further used to assess the validity of the inverse method. Indeed the various models were chosen in order to test the resolving power of the complementary MNS data sets: on one hand, can we distinguish among several possible mineralogies (e.g., olivine-versus pyroxene-rich mantle) and thermal conditions? On the other hand, what are the parameters that the method can best resolve? These questions will be addressed in a companion paper (A. Rivoldini et al., manuscript in preparation, 2005) .
Appendix A: PVT Equations of State for a Single Mineral
[77] In this appendix, we describe the method used to compute the density and bulk modulus of any mineral (i) at pressure P(r) and temperature T(r) from their respective laboratory measurements at STP conditions. Among proposed theories (see, e.g., Jackson's [1998] review), we choose a two step procedure schematized in Figure A1 . Assuming reversible elastic processes, we consider an isobaric heating of the mineral at pressure P 0 , from T 0 to J (i) (A to B (i) paths in Figure A1 ), followed by an adiabatic compression from P 0 , J (i) (points B (i) ) to P, T conditions (point C). Along the theoretical path AB (i) C, J (i) is found as the temperature at P 0 along an adiabatic decompression (C to B (i) paths).
[78] Our modeling scheme is different from the one used in previous works where seismic velocities were computed from mineral physics. Usually, the temperature J (i) is determined by a trial and error method based upon a comparison between computed and observed density and seismic velocity profiles. These profiles are computed along an adiabatic path starting at J (i) , P 0 . The final temperature is a posteriori estimated [e.g., Duffy and Anderson, 1989; Ita and Stixrude, 1992; Vacher et al., 1998; Trampert et al., 2001] . In the present case, the final temperature to be reached at point C is known, and we have to find the value of J (i) at points B (i) in Figure A1 leading to the correct B (i) C adiabatic path. Such an approach makes it necessary to compute simultaneously , and I m,c represent the mass of Mars, the moment-of-inertia factor, and the moment of inertia of the mantle and crust, respectively, using our 100 layer model. Figure A1 . Thermodynamical paths, discussed in Appendix A, linking standard pressure and temperature (point A) to local pressure and temperature (point C). For each mineral (i), we consider an isobaric heating from point A to point B (i) followed by an adiabatic compression to point C. The temperature J (i) , corresponding to the point B (i) , is different for each mineral. It is defined as the temperature at standard pressure such that an adiabatic compression would lead the mineral (i) to the local pressure and temperature conditions of point C. Two examples are drawn: the solid curve is for the perovskite (pv), and the dashed one is for the Mg-Wüstite (mw). the values of J (i) , r (i) and K S (i) . This computation requires trial-error iterations for each mineral (i) taken separately.
[79] Figure A1 illustrates how different the J (i) values may be from one mineral to another. Let us suppose that we want to compute the values of the density and of the seismic velocities of perovskite and magnesiowüstite at a depth of 2200 km inside Mars, and at a temperature of 2000 K. This temperature value is reached at 2200 km depth for temperatures J (i) equal to 1770 K and 1630 K, for perovskite and magnesiowüstite, respectively. Our procedure assures, as illustrated in Figure A1 , that all considered minerals are at the same temperature at a given depth, which is a necessary condition to get a relevant model of a mantle in thermodynamical equilibrium. Note that the latter procedure enables one to compute the local values of K (r) in equation (7) using the isentropic values K S (i) (r) of each mineral i, where the subscript S indicates constant entropy, even though the actual temperature profile is not necessarily adiabatic.
[80] For the sake of simplicity, the mineral index (i) is omitted in the following subsections and in Figure A1 .
A1. Definition of the Temperature )
[81] The temperature variation along an adiabatic compression path is described by the thermodynamic Grüneisen's parameter g th [e.g., Poirier, 2000] :
The value of Grüneisen's parameter is mainly a function of pressure and, to a lesser extent, of the temperature. Following the results of laboratory experiments [Anderson, 1979] , we choose to use the quasiharmonic assumption g th P; T ð Þr P; T ð
where q is a constant usually equal to 1. Integrating equation (A1) at constant entropy and using (A2), we obtain 
The latter equation allows us to evaluate, from P and T values, and for each mineral taken separately, the temperature J using a trial and error procedure.
A2. Isobaric Heating From A to B
[82] In order to evaluate the density r (P 0 , J) in equation (A3), we start from the definition of the thermal expansivity a,
Using the polynomial development (15), and integrating equation (A4) at constant pressure P 0 , we obtain for each mineral
The value of the adiabatic bulk modulus K S (P 0 , J) is computed at constant P 0 using the formula
where d S 0 is the Anderson-Grüneisen parameter, defined by
The value of the Anderson-Grüneisen parameter can be reasonably considered as independent of the temperature [Anderson, 1988] . It is thus only computed at STP conditions for each mineral.
A3. Adiabatic Compression From B to C
[83] The value of the local density r(P(r), T(r)) is obtained by computing the unique negative real root of the fourth order equation of state
where
is the Eulerian strain of the mineral under adiabatic compression. The coefficients of the expansion (A8) are defined by the values of the bulk modulus and of its first and second derivatives with respect to pressure [e.g., Davies and Dziewonski, 1975] . Writing
and considering the definition of K S , the coefficients entering the expansions (A8) and (A10) are related through
Taking the limits at zero strain of equation (A10), and of its first and second derivatives with respect to pressure, yields [e.g., Jackson, 1998; Trampert et al., 2001 ]
and 
[85] Jackson [1998] showed that the approximation (A18) is valid for the bulk modulus. The second derivative of K S with respect to pressure has only been measured with large uncertainties for a very small number of minerals, namely, olivine [Zha et al., 1998 ], magnesiowüstite [Sinogeikin and Bass, 2000] , and orthopyroxene [Flesch et al., 1998 ]. Following Trampert et al. [2001] , we estimate its theoretical value by truncating the Birch-Murnaghan equation of state (A8) to third-order in strain, which means that the value of C 3 is set equal to zero in equation (A17). The validity of the latter approximations has been discussed in the previously cited studies of the Earth's lower mantle. Their validity is strengthened for the Martian mantle, because the pressure value which is reached at Mars' CMB ($23-25 GPa) is equal to the pressure value at the top of the Earth's lower mantle.
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